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Variations in Oceanic Layer 2 Elastic Velocities Near Hawaii
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Analysis of the travel times and amplitude range distributions of both compressional and shear wave
arrivals on 15 closely spaced refraction profiles reveals a significant, systematic, and symmetric depen-
dence of average layer 2 velocities on their distance to the north and south of the Hawaiian ridge.
Beyond the flexural arch surrounding the ridge the velocity-depth solutions indicate a normal layer 2.
Within the arch (approximately 155 km from the ridge) the average elastic velocities in layer 2 are
lowered by 0.8-0.9 + 0.2 km/s. Within 75 km of the ridge the average velocities are again normal. Elastic
and elastic-plastic flexural models for the regional compensation of the Hawaiian islands predict ten-
sional stress drops of 0.8 kbar in the upper lithosphere for the region having lowered velocities in layer 2,
which are similar in magnitude with laboratory measurements of the confining pressure drop necessary
to reduce velocities in porous basalts by 0.5 km/s. A significant inverse relationship (correlation coef-
ficient of 0.818) exists between the average elastic velocities in the upper 1.0 km of the igneous crust and
the strain in the upper crust calculated from these flexural models. The correlation between lowered
average velocities in layer 2 and increased tensional stresses and strains suggest that crack opening in the
upper crust accompanies the flexure. These observations are the first reported for a midplate load and

corroborate previous suggestions from seismic and flexural data at subduction zones.

INTRODUCTION

It has long been known that the Hawaiian islands are as-
sociated with large-amplitude free-air gravity anomaly highs
and lows that cannot be explained by models of local isotasy.
These anomalies are flanked by a broad belt of low-amplitude
positive anomalies. Because gravity anomalies are the surface
expression of nonhydrostatic stresses at depth, these observa-
tions imply that significant deviatoric stresses exist, not only
in the lithosphere under the islands but also farther away from
the ridge. Flexural models that assume an elastic response by
the lithosphere to vertical loading by the Hawaiian islands
explain the regional gravity anomaly as well as other geologi-
cal and geophysical observations [ Walcott, 1970; Watts and
Cochran, 1974]. The stresses predicted by these elastic models
are high (> 1 kbar) and may exceed the failure strength of the
upper lithosphere [ Brace and Kohlistedt, 1980].

Seismic refraction and reflection data, Deep Sea Drilling
Project (DSDP) cores, ophiolites, and laboratory-measured
velocities of basalts suggest that oceanic crustal layer 2 com-
prises extrusive basalts that grade downward toward a sheeted
dike complex [Cann, 1974; Houtz and Ewing, 1976;
Christensen, 1978; Spudich and Orcutt, 1980; Fox and Stroup,
1981; Anderson et al., 1982]. At DSDP site 504B where the
crust is 6 m.y. old, Anderson et al. [1982] characterized the
uppermost section of layer 2 (2A) as pillow basalts, breccias,
and massive flows with freely connected fissures and pore
spaces; the middle section of layer 2 (2B) is characterized by
the same lithologies but has increased low-temperature pre-
cipitates in these voids; and the lowermost section of layer 2
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(2C) is a transition zone between these basalts and breccias
and the sheeted dike complex comprising the top of layer 3.

The inference made from DSDP drilling and logging results
that seismic layer 2 comprises basaltic rocks of decreasing
porosity is consistent with amplitude modeling of seismic re-
fraction data from both the Pacific and Atlantic oceans [ Whit-
marsh, 1978; Spudich and Orcutt, 1980; Bratt and Purdy, 1984;
G. M. Purdy, personal communication, 1985]. Thus the elastic
velocities in layer 2 may depend primarily on the porosity of
the basaltic rocks, and by inference from the effect of confining
pressure on basaltic rock velocities [Manghnani and Woollard,
1968], on the state of tension or compression in layer 2.

Bodine et al. [1981] compared the calculated tensional
strain in the upper crust of a subducting slab as a function of
the distance from the outer trench high with velocity data
obtained from sonobuoy measurements in the I[zu-Bonin
trench [Houtz et al., 1980]. They found that a region of low-
ered velocities in layer 2 within 50 km of the bathymetric
trench axis correlates with the region predicted to be in the
highest tensional strain from a flexure model for the subduct-
ing slab. Sonobuoy refraction results from the Peru-Chile
trench [Hussong et al., 1975] also provide evidence for low-
ered layer 2 velocities within 50 km of the trench axis.

We present here a systematic study of layer 2 velocities near
a midplate load. The Hawaiian ridge is a large midplate load
on oceanic lithosphere of 80-90 m.y. age [Atwater and
Menard, 1970]. Flexural models [e.g., Bodine et al., 1981] pre-
dict that horizontal variations in the deviatoric stress will give
rise to a laterally varying thickness to the brittle zone and to
changes in the failure mechanism from compression near the
island to tensional failure farther away (Figure 1).

During 1982 we obtained a suite of closely spaced high-
quality digitally recorded refraction profiles near Oahu
[Watts et al., 1985] and these provide a data set to test for a
systematic relationship between flexural strains and layer 2
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Continuous deflection profile oriented NE-SW across the Hawaiian ridge produced using the yield stress

envelope rheology showing the regions where the lithosphere is in compression and in tension. Load approximates the
island of Oahu in the Hawaiian island chain on an 80-m.y.-old plate with assumed strain rate of 107'® s™!. Hatched
regions indicate the extent of plastic yielding due to tensile (downslant to the right) and compressive (downslant to the left)
bending stresses. H is the mechanical thickness [from Bodine et al., 1981].

velocities. The existence of strong converted shear wave arriv-
als on these profiles permits a more rigorous, petrophysical
interpretation of the velocity-depth solutions than is possible
using compressional wave data alone. The gentle topography
in this area facilitates comparison of the refraction profiles
with each other and minimizes the influence of laterally vari-
able crustal structure in their interpretation. Models of the
lower crustal structure near Oahu inferred from the multi-
channel seismic reflection—refraction profiling are reported
elsewhere (Watts et al. [1985]; U. S. ten Brink and T. M.
Brocher, Multichannel seismic evidence for variations in crust-
al thickness across the Molokai fracture zone in the mid-
Pacific, submitted to Journal of Geophysical Research, 1987)
(hereafter referred to as tBB, 1987).

DATA ACQUISITION

Nine expanding spread profiles (ESPs) and six fixed-gain
sonobuoy profiles collected during the 1982 two-ship multi-
channel seismic experiment [Watts et al., 1985] provide com-
pressional and shear wave data in oceanic crust away from the
Hawaiian islands. The 15 profiles are located between 73 and
300 km from the center of the Hawaiian ridge and were col-
lected in water depths between 4360 and 4860 m (Table 1,
Figure 2). Ten of the profiles are located on or close to the
bathymetric arch, and 5 are located near the bathymetric
moat surrounding the Hawaiian ridge; all were located on 80-
to 90-m.y.-old oceanic crust [ Aiwater and Menard, 1970; Ness
et al., 1980; Wallin, 1982].

The acquisition and preliminary reduction of the ESP data
is described elsewhere [Watts et al., 1985; tBB, 1987]. The
ESP data presented here were collected using a three-element
airgun source array (totalling 31.66 L (1932 inch®) and nom-
inally operated at 124.1 bar (1800 psi) towed from the R/V
Kana Keoki, received on a 3.6-km-long multichannel seismic
streamer towed behind the R/V Conrad, and were recorded by
a DFS-IV. The dominant bubble pulse frequency of this
source is between 10 and 15 Hz. These multichannel data were
sorted by range into 100 m wide bins; traces in each range bin
(approximately 12) were summed after time shifting appropri-
ate for a phase velocity of 8.0 km/s, and the summed traces
were band-pass filtered between 6 and 20 Hz. Our choice of
phase velocity used for time shifting the data means that the
amplitudes of lower phase velocity arrivals are somewhat in
error. These errors, however, are small because the bin is only
100 m wide: a 4-km/s arrival is undercorrected by a maximum
of only 6 ms or 1/16th of a wavelength. Record sections were

plotted in true relative amplitude. No corrections were applied
for either topographic or sediment thickness variation.
Refraction data were also obtained using the identical
airgun source array as used to collect the ESPs but instead
shot to fixed-gain expendable military sonobuoy receivers de-
ployed from the R/V Kana Keoki. Shot spacing was 120 to
150 m. Shot-to-receiver ranges for the sonobuoys were calcu-
lated from direct water wave arrival times assuming a speed of
1.50 km/s through the surface water. The relative shot-to-
receiver ranges are considered to be accurate to within 20 m
(410 ms); at 25 km range uncertainties in absolute range may
approach 200 m (for an uncertainty of the water velocity of
+0.02 km/s). The sonobuoy data were digitally recorded,
band-pass filtered between 6 and 20 Hz, and plotted in true
relative amplitude. The sonobuoy data were uncorrected
either for topographic variation or for lateral variations in the

TABLE 1. Division of ESP and Sonobuoy Profiles
Distance Observed Calculated
From the Mean Sediment Sediment
Center of Water Thickness Thickness
Refraction Load, Depth, TWTT, TWTT,*
Line No. km m S S
Group 1
SB 7 230 4475 0.27-0.42 0.35
SB 10 243 4395 0.25-0.30 0.27
SB9 263 4450 0.22-0.30 0.26
ESP 1 263 4500 0.26-0.30 0.28
ESP 6 299 4395 0.13-0.20 0.16
Group 2
SB 6 180 4390 0.15-0.38 0.26
ESP 7 180 4450 0.25-0.30 0.27
Group 3
SB 4 154 4380 041-0.48 0.44
ESP 2 154 4370 0.40~-0.50 0.45
SB 13 159 4360 0.25-0.30 0.27
Group 4
ESP 8 117 4725 0.55-0.62 0.59
ESP 3 130 4445 0.45-0.50 0.49
Group 5
ESP 9 73 4860 [.15~1.20 [.17
ESP 4 74 4700 0.98-1.08 1.03
ESP 11 75 4730 1.15-1.32¢ 1.22

*Calculated from the velocity-depth models given in Table 2.
tThe CDP line for ESP 11 is not coincident with the ESP profile.
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Fig. 2. Location of ESPs (numbered bold-dashed and solid lines) and sonobuoy refraction profiles (labeled SB)
interpreted for this study. Boxed areas indicate locations of expended bathymetric maps shown in Figure 5. Locations of
profile groupings 1-5 are indicated by brackets and arrows. Numbered straight line segments (numbers 26-30) correspond
to refraction lines collected by Shor and Pollard [[1964]; thinner unlabeled arcuate and straight line segments near ESP’s 6
and 7 show shot points of data collected by Shor and Pollard and Morris et al. [1969]. Location of the arch surrounding
the Hawaiian ridge is indicated by bold stippled dashed lines whereas depths greater than 4572 m (including the moat
surrounding the ridge) are lightly stippled. Bathymetry given in 914.4 m (500 fathom) contour intervals.

sediment thickness. Because the sonobuoy data consist of
single source and receiver pairs, lateral variations produce
more noticeable effect than for the ESPs.

REFRACTION DATA: PROMINENT FEATURES

We have subdivided the refraction profiles into five groups
numbered 1 through 5 solely in order of decreasing distance
from the center of the Hawaiian ridge. This division, however,
highlights the similarity between seismic profiles in similar
geographic locations and diflerences between groups of pro-
files.

Group 1

The first group consists of 5 profiles collected at a distance
5f 230 to 300 km from the center of the Hawaiian ridge (Table
1, Figure 2). These profiles are characterized by a single
strongly curved crustal compressional-wave refraction that
can be recognized to distances of at least 16 km (Figure 3) and
large-amplitude converted shear-wave arrivals (Figure 4).

Group 2

The second group of refraction profiles consists of two pro-
files located about 180 km from the Hawaiian ridge (Table 1,

Figures 2 and 5). This group of profiles is characterized by two

different compressional-wave refractors and by weak convert-
ed shear-wave arrivals at ranges less than 25 km (Figures 6
and 4). Low amplitudes and low velocities (3.7—4.3 kmy/s)
characterize the first refraction. The second refractor emerges
from the scafloor reflection with a phase velocity between 4.5
and 5.3 km/s and becomes strongly focused at ranges between
9 and 15 km.

Group 3

This group consists of 3 refraction profiles collected at
ranges about 154 to 159 km from the Hawaiian ridge (Table 1,
Figure 2). The compressional-wave arrivals in this group, such
as ESP 2 (Figure 6), are characterized by two discrete refrac-
tions with phase velocities of between 3.7 and 3.9 km/s and 5.8
to 6.5 km/s. The faster refraction is strongly focused at ranges
between 7 and 10 km (Figure 6). The converted shear wave
arrivals for group 3 profiles are generally difficult to identify
(Figure 4). The travel times of both compressional and shear
waves of layer 3 arrivals (having phase velocities of 6.5 or 3.5
kmy/s) for this group are significantly delayed relative to those
of the groups 1 and 2 refraction profiles (Figure 9).

Group 4
The fourth group consists of two profiles collected at ranges
between 117 and 130 km from the Hawaiian ridge (Table 1,
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Fig. 3. Comparison of the reduced (at 6.5 km/s) record sections for two ESPs in group 1 showing the crustal first
arriving compressional waves. Thin solid curves show travel times calculated from the inferred velocity-depth solutions in
Table 2. Shown to the leflt of each ESP is the CDP section which was collected along the refraction profile at the ESP
midpoint. Time scales are the same for the CDP and ESP profiles.

Figure 2). Although the compressional wave first arrivals of
both profiles in this group are characterized by a large ampli-
tude, 42-km/s refraction, there is little resemblance between
the later refraction branches on these profiles (Figure 7). On
ESP 3 the first refractor is strongly curved and leads continu-
ously into secondary refraction branches having phase veloci-
ties of 5.5 and 6.7 km/s. These secondary branches show
strong focusing of energy at ranges between 13 and 22.5 km.
On ESP 8 the 6.7 km/s refractor is focused at ranges between
8and 11 km.

Group 5

The last group consists of 3 refraction profiles collected at
ranges of about 74 km from the ridge (Table 1, Figure 2).
Figure 8 shows that these profiles were all collected in the
bathymetric moats flanking Oahu in water depths exceeding
4600 m. The profiles in this group resemble each other only in
having two distinct sets of compressional arrivals and weak
shear arrivals (Figure 7). The first refraction has phase veloci-
ties between 4.0 and 4.2 km/s. On ESPs 4 and 11 the second
refraction, having a phase velocity close to 6.5 km/s, is focused
at ranges between 10 and 18 km. On ESP 9 the secondary
refraction arrivals are strongly focused at 12 km range (Figure
7).

DATA INTERPRETATION

Inversion of the densely sampled seismic refraction profiles
via tau sum analysis of slant stacks of the records [Diebold
and Stoffa, 1981] provided initial estimates of velocity-depth
solutions. In most cases, forward modeling of the travel times
using velocity-depth functions inferred in this manner did not
provide a close fit to the observations. We attribute the lack of
success of the tau sum inversion technique to the relatively
low signal-to-noise ratio of the profiles and slant stacks. For
these data we therefore preferred to employ the more subjec-
tive interpretation method of iterative forward modeling of
travel times assuming one-dimensional structure. For all
models the amplitude range distribution was qualitatively

analyzed by plotting the calculated ray density along the
travel time branches. Because this method does not easily
yield formal uncertainties in either layer thicknesses or veloci-
ties, in the rest of this section we review, layer by layer, the
constraints upon and uncertainties inherent in the solutions.
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Fig. 4. Comparison of the reduced (at 3.5 km/s) record sections
for three refraction profiles showing the crustal first arriving shear
wave arrivals. Thin solid curves show the travel times calculated from
the inferred velocity-depth solutions in Table 2.
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Fig. 5. Detailed bathymetry maps show the locations of the ESPs and sonobuoy refraction profiles for groups 1-3.
Large solid dots at the center of the ESPs indicate ESP midpoints. Arrows on sonobuoy profiles indicate direction ship

travelled after deploying the sonobuoy. Bathymetry, contoured in 100 m intervals, is based on single-beam 3.5-kHz
soundings along the ship tracks shown as dotted curves. Depths exceeding 4500 m and less than 4300 m are shaded.
2

Von Herzen et al., 1982; Wallin, 1982] suggest the presence of
a 120- to 350-ms thickness (two-way travel time (TWTT)) of
pelagic sediments. The thicknesses of pelagic sediments used in
the modeling are thus inferred from the assumed velocity and
measured TWTT. Uncertainties in the observed TWTT of
25-50 ms correspond to uncertainties in the thickness of this

Sediments

The refraction data do not provide constraints on either the
thickness or .velocity of the uppermost pelagic sediments.
Nearby DSDP results at site 67 suggest that velocities of 1.5
and 1.7 km/s are appropriate for these sediments [ Winterer et

al., 19717; this velocity range was assumed in our models.
Reflection profiles collected during our experiment and in pre-
vious experiments [ Kroenke, 1965; Normark and Shor, 1968;

pelagic layer of 22—43 m.
For groups 2 through 5 an additional layer of higher veloci-
ty sediments is required by the refraction data. As this sedi-

ESP2  (Group 3)

(Group 2)

20 25 30
Shot-receiver Offset (inkm)

Fig. 6. Comparison of the reduced (at 6.5 km/s) record sections for all the ESP profiles in groups 2 and 3 showing the
crustal first arriving compressional waves. Thin solid curves show travel times calculated from the inferred velocity-depth
solutions in Table 2. Shown to the left of each ESP or sonobuoy profile is the CDP section which was collected along the
refraction profile at the midpoint of the ESP. Time scales are the same for the CDP and ESP profiles.
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Fig. 7. Comparison of the reduced (at 6.5 km/s) record sections for all the refraction profiles in groups 4 and 5
showing the crustal first arriving compressional waves. To the left of each ESP is shown the CDP section which was
collected along the refraction profile. Time scales are the same for the CDP and ESP profiles.

ment layer produces first arrivals with phase velocities be-
tween 3.7 and 44 km/s, its velocity and thickness can be
uniquely determined from the phase velocity, intercept time, as
well as the TWTT on the coincident common depth point
(CDP) reflection profiles. On CDP records the top of the ig-
neous basement can be identified as the first topographically
irregular low-frequency reflection below more planar and
higher frequency reflections inferred to be sediments. Average
uncertainties in the TWTT of this second sediment layer of 90
ms translate into average uncertainties in layer thickness of
approximately 0.2 km. A comparison between the observed
TWTT through the sediments and those calculated from the
velocity models in Table 2 is provided in Table 1.

Layer 2A

No direct estimate of the velocities within layer 2A is avail-
able. Indirect evidence for these velocities derives from three
principal sources. First, the presence on group 1 profiles of
large-amplitude converted shear wave arrivals having phase
velocities of 3.5 km/s suggests that for these profiles the
compressional-wave velocity at the top of layer 2A is signifi-
cantly higher than 3.5 km/s [Spudich and Orcutt, 1980; White

and Stephen, 1980]. Following Spudich and Orcutt [1980] we
assumed a compressional wave velocity of 4.2 km/s lor these
profiles and that the conversion to shear wave energy from the
incident P wave energy occurred at the unlithified sediment-
igneous basement interface. Second, propagation of rays up
and down through this layer introduces time delays in the
intercept times for the 6.5 km/s arrivals which are observed.
This constraint imposes limitations on the average velocity
and thickness of the layer. Uncertainties in the intercept times
are about 13 ms, whereas the uncertainty in the intercept time
delay through layers 2A and 2B (the difference between two
intercept times) is about 25 ms. Third, for some refraction
profiles the presence of low-velocity gradients within layer 2A
was inferred from the rapid amplitude decay with range of
refractions having phase velocities comparable to the veloci-
ties used to model layer 2A.

Layer 2B

Arrivals refracted by layer 2B are observed on the refraction
profiles and thus provide direct evidence for the velocity and
thickness of this layer. Even if this constraint is ignored, layer
2B introduces an additional intercept time delay for the 6.5-
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Fig. 8. Bathymetry in corrected meters near the ESP’s of group 5 profiles. Contour interval changes from 500 m
shallower than 4000 m depth to 100 m below, with depths below 4700 m shaded. Heavy dashed curves indicate the
locations of the ships for the airgun portion of the ESP; the heavy solid curves indicate the ship tracks for the explosive
portion of the ESPs (not used in this study). Small dots show locations of bathymetric data compiled in these maps.

km/s refractfon, which places constraints on the average veloc-
ity and combined thickness of layers 2A and 2B. Further con-
straint on layer 2B is possible using triplications in the ob-
served refraction arrivals between 7 and 12 km range, which
require significant velocity gradients within layer 2B. This
high velocity is similar to one used by Bratt and Purdy [1984]
to explain strong amplitude peaks at ranges between 7 to 10
km range on ocean bottom seismometers for surface sources
and receivers; these ranges correspond to 8-11 km for the
water depths appropriate for groups 1-3.

Uncertainties in Average Velocities Through
Layers 2A and 2B

In order to quantify the velocity models in Table 2, we have
calculated in Table 3 average velocities in the upper 1 km of
the igneous crust (corresponding to layers 2A and 2B). Treat-
ing layers 2A and 2B as a single 1-km-thick layer, the uncer-
tainty in the average velocity of the layer can be estimated
from the uncertainty in its intercept time delay using At =
I2hq, — 2hg,, or

q, = q, T At/2h (1

where q, , = (v, ,)”2 — p»)"/?; h is the layer thickness; v, ,
are two average velocities through layers 2A and 2B; At is the
uncertainty in intercept time delay; and p is the ray parameter
of the observed refraction. In this estimate of the uncertainty
the layer thickness is held fixed: it is also possible to attribute
the uncertainty in At to relatively minor changes in layer
thickness. As an example, using h =1 km, p = (6.5)7" s/km,
At =25 ms, and v, = 4.4 km/s, we find that v, = 4.7 km/s.
The uncertainties are thus +0.3 km/s for average velocities in
layers 2A and 2B for group 3 (Table 3). In Table 3 we have
compiled the uncertainties in average velocities using (1) for

all profiles as well as the intercept time delay introduced by
layers 2A and 2B for later arrivals having a phase velocity of
6.5 km/s. The table documents that the models predict that
differences in the delay time introduced by these layers be-
tween groups 1 and 3 exceed measurement errors (Figure 9).

Layer 2C

Layer 2C produces first arrivals which decay rapidly in am-
plitude with range. For this reason the velocity gradient
within this layer was generally modeled as being relatively
low. For some profiles a higher-velocity gradient within layer
2C was necessary to explain triplication peaks at 12.5-23 km
range.

RESULTS
Sediments

To explain the observed TWTT and intercept time delays in
the sediments the velocity-depth solutions require up to
250 + 43 m of pelagic sediments having an assumed velocity
of 1.5-1.7 km/s (Figure 10). To fit the first arrival times of the
groups 2 through $ profiles, an additional layer of higher ve-
locity sediments is required. This layer has velocities from 3.7
to 44 km/s and varied in thickness between 480 and
2670 + 200 m (Figure 10). The velocities of this sedimentary
wedge are appropriate for turbidite or volcanoclastic se-
quences derived from the Hawaiian ridge. In the following
section presenting the solutions for layer 2, and the depths
cited are those measured down from the top of the igneous
crust.

Group 1

The compressional-wave velocity-depth solutions for the
group 1 profiles characterize layer 2A as a zone of having a
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TABLE 2. Velocity-Depth Solutions for Sonobuoy Profiles and Table 2. (continued)
ESPs
3 0.66 3.9/3.9 2.2/2.2 0.28/0.28
v, v 4* 1.00 42/49 2.3/2.6 0.28/0.29
f > s 0.18 4.9/6.1 2.6/3.5 0.30/0.25
La peayer Km/s Layer kmys 7 6 0.19 6.1/622 3535 025025
yer ickness, (Top/ Thickness, (Top/ (Top/ 29
Number km Bottom) km Bottom) Bottom) ; gg gzgg 3.6/3.8 0.25/0.
Sonobuoy 7
1 024 1.5/1.6 024 Sonobuoy 4 Sonobuoy 13
1A 0.09 4.3/4.5 3 v
2% 0.41 4.5/5.8 0.94 22/33  0.32/0.30 » 4
2A 0.60 5.8/6.2 e o e Layer km/s Layer km/s
3 0.65 6.2/6.9 0.50 33/3.6  0.30/0.31 Layer  Thickness, (Top/  Layer  Thickness,  (Top/
4 0.60 6.9/7.1 0.60 36/39 031/028  Number km Bottom)  Number km Bottom)
5 5.00 7.1/1.3 3.00 39/41  0.28/0.27 ) 030 1717 { 0.06 17/17
Sonobuoy 10 2 0.39 3.9/39 2 0.39 3.9/39
1 0.21 1.5/1.6 0.23 3* 0.20 3.9/39 3* 0.37 3.9/3.9
2 0.02 1.6/1.6 0.02 4 0.75 4.2/49 4 0.90 4.2/49
3* 0.46 4.5/5.7 0.90 2.3/3.3  0.32/0.29 5 0.18 4.9/6.1 5 0.18 4.9/6.1
3A 0.70 5.7/6.1 e e e 6 0.92 6.1/6.6 6 1.90 6.1/6.9
4 0.40 6.1/6.4 0.50 3.3/3.5 0.29/0.28 7 0.62 6.6/6.7
5 0.50 6.4/6.7 0.50 3.5/3.7 0.28/0.28 8 1.08 6.7/7.0
6 5.40 6.7/7.3 4.00 3.7/4.1 0.28/0.27
Sonobuoy 9 ESP 3 ESP 8
1 0.17 1.5/1.6 0.15 v, v,
2 0.09 4.2/4.5 Layer km/s Layer km/s
3* 041 4.5/5.6 0.90 2.3/30 0.28/0.33 Layer  Thickness, (Top/ Layer  Thickness, (Top/
3A 0.40 5.6/6.0 e e e Number km Bottom) Number km Bottom)
4 1.35 6.0/6.7 1.40 3.5/3.7  0.25/0.28
5 3.40 6.7/7.1 3.40 3.7/3.9 0.28/0.28 1 0.03 3.4/3.4 1 0.04 1.7/1.7
Lo dm oz em o
! 0.20 1.5/1.6 0.16 4 0.52 47/5.1 4 034 4.3/4.4
2 0.04 4.2/4.3 5 0.29 5.1/5.6 5 0.38 4.4/4.4
3* 0.51 4.3/5.7 0.42 2.3/3.1  0.28/0.28 6 0'37 5.6/5.9 6 0'17 4'9/5'7
3A 0.40 5.7/6.0 0.72 3.1/3.4  0.28/0.27 7 1'09 6.2/6.2 7 0.58 5.9/6.4
4 1.90 6.0/6.9 0.24 34/3.5  0.28/0.29 ] 0-82 6.3 /6.8 8 0'71 6. 4 6. 6
4A e R 0.30 3.5/3.7 e ) o . o
4B e . 0.28 3.7/3.8  0.29/0.26
5 300 6972 ESP 9 ESP 4
Ve V,
Sonobuoy 6 ESP 6 Layer km/s Layer km/s
Layer Thickness, (Top/ Layer Thickness, (Top/
Vo Ves Number km Bottom) Number km Bottom)
Layer km/s Layer km/s
Layer Thickness, (Top/ Layer Thickness, (Top/ 1 0.34 3.1/4.6 1 0.66 3.2/3.6
Number km Bottom) Number km Bottom) 2 0.69 4.6/4.9 2 0.69 3.8/3.8
3 0.47 5.0/4.0 3 0.51 3.9/4.3
1 0.09 L7/1.7 1 0.12 L5/1.5 4 095 40/4.3 4 0.07 47/4.8
2 0.14 4.0/4.2 2% 0.09 1.5/1.6 5 0.08 5.1/5.1 5% 1.00 4.8/6.0
3 0.17 42/4.2 3 0.50 4.2/5.7 6* 0.58 5.1/5.1 6 096 6.0/69
4* 031 4.2/4.2 4 0.47 5.7/6.2 7 0.67 6.1/6.2 7 0.32 6.9/7.0
5 0.60 4.5/5.1 5 0.40 6.2/6.3 8 0.58 6.7/6.9
6 0.20 5.1/6.1 6 0.40 6.3/6.4 9 1.71 6.9/7.1
7 0.80 6.1/6.4 7 220 6.4/6.7
8 1.05 6.4/6.9 ESP 11
9 0.20 6.9/7.0
10 3.00 7.0/1.0 V.
v v Layer kn:/s
” » Layer Thickness, (Top/
I_,ayer km/s km/s i Number km Bolt(lJ)m)
Layer Thickness, (Top/ (Top/ (Top/
Number km Bottom) Bottom) Bottom) 1 0.09 1.8/3.6
2 0.59 3.6/4.2
ESP7 3 091 43/43
1 0.18 3.7/43 1.8/2.0 0.40/0.37 4 0.78 4.6/4.6
2 0.13 43/44 2.1/2.1 0.34/0.34 5 0.18 4.5/4.6
3 0.21 42/42 2.1/2.1 0.34/0.34 6* 0'53 4.6/4.8
4* 0.21 4.2/4.2 2.1/2.1 0.34/0.34 7 1'32 5-2/6.1
5 0.53 4.5/5.1 2.1/2.7 0.30/0.30 8 0.87 6‘1/6.5
6 0.20 5.1/6.1 2.7/3.5 0.30/0.26 9 1'00 6.5/6'8
7 0.80 6.1/6.4 3.5/3.6 0.26/0.28 : T
8 1.05 6.4/6.9 . . .
V,, compressional wave velocity; V,, shear wave velocity.
ESP 2 *Indicates the top of the igneous crust as inferred from comparison
1 0.03 1.7/1.7 of the observed TWTT through the sediments with the TWTT calcu-

2 0.14 3.85/3.9 2.0/2.2 0.31/0.28 lated from the velocity depth models given in Table 2.
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TABLE 3. Comparison of Velocity-Depth Solutions for ESP and
Sonobuoy Profiles
Contribution to the
Average V * Intercept Time for a
in Upper 1 km 6.5-km/s Phase Velocity

Refraction of Layer 2, for the Upper 1 km of Layer 2,

Line No. km/s s

SB 7 55+02 0.175

SB 10 52+02 0.215

SB9 55+02 0.188

ESP | 54 +02 0.202

ESP 6 44+03 0.304

Group 1 5.2+02 0.217
average

SB 6 46 £ 03 0.301

ESP 7 5.1 102 0.262

Group 2 49102 0.282
average

SB 4 44 +03 0.331

SB 13 42+03 0.359

ESP 2 46+03 0.312

Group 3 44 +03 0.334
average

ESP 3 50102 0.260

ESP 8 52+02 0.216

Group 4 51+02 0.238
average

ESP 9 55+02 0.186

ESP 4 54 +£0.2 0.206

ESP 11 50+02 0.166

Group 5 53+02 0.186
average

*Uncertainties calculated using (1).

high velocity-gradient, ranging from velocities between 4.2 and
4.5 km/s at the top to 5.6 and 5.9 km/s at the base (Figure 11).
Layer 2B is characterized by a weaker velocity gradient (on
the order of 1 s™1). In layer 2C solutions show a further
weakening of the velocity gradient to 0.3 s~! necessary to
explain the amplitude decay of the arrivals beyond 18 km
range. In Figure 11 the differences between the velocity-depth
solutions for profiles in this group are not considered to be
significant.

The shear wave velocity-depth solutions for group 1 profiles
broadly mimic those for the compressional waves (Figure 11).
In particular, these solutions require a relatively high shear
wave velocity at the top of layer 2A (2.2-2.3 km/s) and a
high-velocity gradient. On ESP 1 an increased velocity gradi-
ent near the base of layer 2C is necessary to explain the energy
triplication peak at 12.5 km range. Near the top of layer 3 the
shear wave velocity gradient is reduced (to 0.4 s™! or less) to
explain the decay in arrival amplitudes beyond 18 km.

The compressional and shear wave solutions for ESP 1 are
compatible with a Poisson’s ratio between 0.28 and 0.26 in the
upper 1 km of the igneous crust and between 0.24 and 0.28
below this depth (Table 2, Figure 10). The Poisson ratio in-
ferred from the sonobuoy profiles in group | also shows this
trend towards lower Poisson’s ratios (0.35-0.28) with increas-
ing depth. These values are typical of the oceanic crust at
these levels [Hyndman, 1979; Spudich and Orcutt, 1980; NAT
Study Group, 1985].

Group 2

The average velocity structure inferred for layers 2A and 2B
for the group 2 profiles (4.9 + 0.2 km/s) is marginally lower
than that for the group 1 profiles (5.2 + 0.2 km/s); it accounts
for an increased intercept time delay of about 65 milliseconds
for the 6.5 km/s refractions (Table 3). The base of layer 2B is
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characterized by a thin transition zone to typical layer 2C
velocities and is necessary to explain the focusing of energy at
ranges between 9 and 15 km. The weakening of the velocity
gradient in layer 2C is used to explain the rapid decay of
amplitudes beyond a distance of 10 km range.

The shear wave solution lor ESP 7 also reflects the charac-
teristics of the compressional wave solution for this group
(Figure 11). It is typified by a low-velocity gradient at the top
of layer 2.

The compressional and shear wave solutions for ESP 7 are
consistent with a Poisson’s ratio which decreases throughout
layer 2 (Figure 11). At the top of layer 2A the Poisson’s ratio
is inferred to be 0.34; a value typical of porous basalts at
DSDP site 504B [ Newmark et al., 1985], whereas in layers 2C
and 3 Poisson’s ratio varies between 0.26 and 0.28. These
Poisson’s ratios for layers 2C and 3 are typical values for these
crustal levels [Spudich and Orcutt, 1980; NAT Study Group,
1985].

Group 3

The average compressional-wave velocity for layer 2A and
2B (4.4 + 0.3 km/s) is significantly lower for group 3 than
those for group 1 (Table 3). The layer 2A and 2B structure
also introduces a significant (nearly 120 ms) additional time
delay to the 6.5 km/s arrivals than is introduced by these
layers in the group | profiles (Table 3). This delay demon-
strates that it is not possible to fit the observed travel times for
group 3 profiles using the sediment cover used to model group
3 profiles and the layer 2 velocity structure used to model
group 1 profiles.

Although the shear wave solution for ESP 2 also has lower
velocities in layers 2A and 2B than those for group 1 (Figure
11), these solutions are not well-constrained. The compres-
sional and shear wave solutions for ESP 2 are consistent with
a Poisson’s ratio between 0.25 and 0.30 for all of layer 2
(Table 2, Figure 11). The Poisson’s ratio decreases, although
not systematically, with depth.

Group 4

The average velocities in layers 2A and 2B for this group
may differ slightly from those of group 1, but they are signifi-
cantly higher than those for group 3 profiles (Table 3).
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Fig. 9. Expanded comparison of the compressional (left) and
shear wave (right) first arrival times for 4 ESP profiles. Solid curves
show reduced travel times calculated from the velocity depth models
given in Table 2. Travel times only have been corrected to a common
datum below sea level of 4370 m. Note the difference in range scales
of the figures for the shear and compressional wave travel times. No
shear waves were observed on ESP 3.
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Fig. 10. Comparison of the velocity-depth solutions from north and south of the Hawaiian ridge. Solutions are plotted
starting at the top of the sediments through the base of Layer 2. Although no attempt has been made to accurately portray
the bathymetry between velocity-depth solutions each solution is plotted starting at the water depth appropriate for the
profile. Note difference between bathymetry and crustal structure scaling.

Group 5

The average velocity within layers 2A and 2B for the group
S profiles is essentially identical to that of group 1 (Table 3).
The average calculated delay times through layers 2A and 2B
for arrivals having a phase velocity of 6.5 km/s are com-
parable to those for the group 1 profiles and are 150 ms lower
than those for the group 3 profiles (Table 3).

WKBJ SYNTHETICS

WKBIJ synthetic seismograms [Chapman, 1978; Chapman
and Orcutt, 1985] calculated from the velocity-depth models in
Figure 11 successfully replicate the first-order features ob-
served in the refraction profiles. Figure 12 compares the
WKBJ synthetic seismograms calculated for ESPs 1, 2, and 4,
which are taken as type examples for groups 1, 3, and 5,
respectively. Beyond ranges of 7.5 km the synthetics for ESP 1
show a relatively uniform amplitude distribution with range
for the 6.3 to 6.5 km/s refractor out to a range of 18 km and a
lack of energy for arrivals having phase velocities significantly
less than 6.0 km/s. The synthetics for ESP 2, to the contrary,
show the well-developed 4.2 km/s upper crustal refraction and
amplitude peak at 9 to 12 km range typical of the group 3
profiles. Beyond 12 km range the amplitude of this phase
rapidly decays. The WKBJ synthetics for ESP 4 match the
location of the well-developed triplication between 10 and 12
km range, the rapid decay of the 4.2 km/s refractor, and the
weak amplitudes of the refractions beyond 13 km range. These
synthetics provide additional support for the accuracy of the
inferred velocity-depth solutions.

SYMMETRY OF SOLUTIONS ABOUT THE HAwAIIAN RIDGE

The observation that systematic variations in the layer 2
velocity-depth solutions are nearly symmetrically located

north and south of Oahu (Tables | and 2, Figure 10) is a
compelling argument against the explanation of the group 2
and 3 profiles as a localized anomaly.

Previous reflraction studies near Oahu also provide evidence
for the symmetry of layer 2 about Oahu. Several refraction
profiles were collected in the early 1960s in support of Project
Mohole [Shor and Pollard, 1964; Morris et al, 1969]). These
earlier studies, located on Figure 2, between ESPs 6 and 7,
generally provided weak constraints on layer 2 velocities be-
cause of their coarse (1-1.5 km) shot spacing and the interpre-
tation of travel times only in terms of dipping but homoge-
neous layers. In agreement with Figure 10, however, Shor and
Pollard [1964] presented a two-dimensional model which
shows a thickening of layer 2 from the arch toward the moat.

Although sediments shed from the Hawaiian ridge are
nearly symmetrically distributed north and south of Oahu
(Figure 10), it is unlikely that the lower average layer 2 veloci-
ties at groups 2 through 4 simply represent misidentified sedi-
ments (Table 1). Table 1 documents the fit between the ob-
setved TWTT through the sediments and those calculated
from the models given in Table 2. Furthermore, the high ve-
locities observed at group 5 profiles can not be explained by
misidentified sediments.

Another means of producing the anomalously low-velocity
layer 2 in the location of the groups 2 through 4 profiles is the
accumulation of a thick sequence of extrusive Java flows on
top of the preexisting oceanic crust during the initial stages of
the formation of the Hawaiian ridge. Shor and Pollard [1964]
and Normark and Shor [1968] argue that a series of volcanic
flows from the ridge may overlie sediments several hundred
meters thick. This volcanic layer does not reproduce the ob-
served symmetry of the lowering of the velocities of layers 2A
and 2B about the ridge, since a region of lowered velocities is
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Fig. 11. Compressional and shear velocity-depth solutions and
Poisson’s ratio inferred from analysis of the travel times. Solutions for
group 1 profiles are shown on top, for groups 2 and 3 profiles in the
middle, and for groups 4 and 5 profiles on the lowermost part of the
figure. Depths plotted are from the top of the igneous crust. Also
indicated are the approximate depths of the subdivisions of layer 2.
Compressional and shear wave solutions for ESP 1 are repeated for
purposes of cotnparison.

absent at the group 5 profiles. Large seismic reflections from
the low-velocity sediments beneath this volcanic layer are not
observed in the CDP data (Figures 3, 6, and 7). Thicker crust-
al sections at the locations of group 2 and 3 profiles than at
the group 1 profiles are also not observed [Watts et al., 1985;
tBB, 1987].

The observed symmetry in the upper crustal structure about
Oahu is even more striking when it is considered that a sys-
tematic crustal thickness difference exists north and south of
Oahu [Watts et al., 1985; tBB, 1987]. The crust north of
Oahu is 0.5-1.0 km thinner than to the south of Oahu. This
systematic variation in total crustal thickness is most easily
related to the formation of the crust north and south of Oahu
at different segments of the spreading center separated by the
Molokai fracture zone. The spatial variation observed in the
lower crust is thus independent of the variability observed in
the upper crust.

CALCULATIONS OF STRAIN ASSOCIATED WITH LITHOSPHERIC
FLEXURE

The symmetry of velocity-depth solutions north and south
of Oahu suggests a flexural origin for the lowered velocities in
layer 2 at groups 2—4. To compare the geographical location
of the velocities with the flexurally induced stresses and strain,
calculated stress and strain profiles are shown in Figure 13 for
three two-dimensional flexural models of Hawaii calculated
assuming thin elastic or elastic-plastic continuous plates, small
deflections, planar strains, and a line load. For simplicity of
calculation and lack of contrary data, zero deviatoric stresses
are assumed in the lithosphere prior to loading. Whereas in
the simple elastic plate model no failure is predicted within the
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plate, a more realistic rheology of the oceanic lithosphere is
incorporated into the two elastic-plastic models. For the
simple elastic model an elastic plate thickness (T)) of 25 km
was assumed. For the two elastic-plastic models the strength
of the oceanic lithosphere is limited by a yield stress envelope
(YSE) which describes the stresses at which mechanical failure
of the rock occurs and is composed of brittle failure in the
form of Byerlee’s law in the upper lithosphere and by a
temperature-dependent ductile flow in the lower lithosphere
[Goetze and Evans, 1979].

The strain profiles shown in Figure 13 were derived from
the flexural calculations by the following expression:

Exx = — Y,(d*w/dx?)

where (d*w/dx?) is the curvature of the plate, and Y, is the
distance between the neutral surface and the top of the elastic
plate [Hetenyi, 1974]. The depth to the neutral surface Y, is
constant in the simple elastic plate model but varies with dis-
tance from the load in the elastic-plastic models. Stress is
related to strain via Young’s modulus and Poisson’s ratio as-
suming planar strain. The stress in the elastic-plastic models,
however, cannot exceed the YSE, is maximum at the brittle-
elastic boundary, and decreases to zero at the surface. The
maximum sustained stress, albeit at different depths, is given
in the stress profiles (Figure 13).

The flexure calculation used for strain is similar to that
given in the work by Watts et al. (1985, Figure 5¢) for the
simple elastic model and ten Brink and Watts (1985, Figures
2b and 2d) for the elastic-plastic models. We use the 44-m.y.-

Range, km

Fig. 12. Comparison of ESP profiles and WKBJ synthetic seis-
mograms calculated for the compressional wave arrivals for ESPs 1
{top), 2 (middle), and 4 (bottom), which are considered to be type
examples for groups 1, 3, and 5. Both observed and synthetic profiles
are reduced at 6.5 km/s and are plotted in true relative amplitude.
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Fig. 13. (a) Comparison of the elastic stresses at the brittle-elastic
boundary and strains in the upper crust calculated for a simple elastic
lithosphere (T, = 25 km) as well as for two elastic-plastic lithospheres
having yield stress envelopes appropriate for 44 and 80 m.y. ages and
loaded by the Hawaiian ridge. In this figure positive stresses and
negative strains are extensional. The geometry of the load assumed is
that used by ten Brink and Watts [1985]. Also shown as a function of
distance from the center of the load (the Hawaiian ridge) are the
compressional wave velocity anomalies relative to ESP 1 of group 1.
Velocity anomalies are plotted starting at the top of Layer 2. (b) Same
as Figure 13a but for study area south of Oahu.

old lithosphere model in Figure 13 based on the conclusion
reached by ten Brink and Watts [1985] that a more accurate
fit to the observed stratigraphy in the sedimentary moat sur-
rounding Oahu is achieved by assuming a lithosphere having
a thermal age of 44 m.y. rather than the 80-m.y. seafloor age
near Hawaii.

Figure 13 also compares velocity anomalies, calculated by
subtracting the compressional wave solution for ESP 1 of
group | from each compressional wave velocity solution, to
the calculated stresses and strains. The group 1 profiles have
almost no velocity anomaly and are located at ranges corre-
sponding to the nearly unflexed portion of the lithosphere
where the calculated tensional strains are less than 6.8 x 10™*
and calculated tensional stresses at the brittle-elastic boundary
are below 1.2 kbar (1 kbar = 10® Pa). The group 2-4 refrac-
tion profiles showing significant negative velocity anomalies in
layers 2A and 2B are located at ranges corresponding to the
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maximum calculated extensional strains associated with the
lithospheric flexure. The calculated tensional stresses and ex-
tensional strains predicted by the simple elastic theory are
nearly 30 times larger in this region than outside of the arch.
The normal to slightly high-velocity group 5 profiles are lo-
cated where the lithosphere is predicted to be in compression
for all three flexural models, although these higher velocities
may also be partly caused by the increased sediment load in
this distance range. Differences in the locations of the maxi-
mum strain peaks predicted by these models to the north and
south of Oahu are consistent with the asymmetry of the load;
previous two-dimensional gravity calculations suggest that the
northern half of the Hawaiian ridge is best modeled as being
less massive than the southern half [Watts et al., 1985].

In Figure 14 we plot the average layer 2 velocity for each
ESP with the predicted tensional strain for the location of
cach ESP calculated for the 44-m.y.-old lithosphere. The
average layer 2 velocity lor each ESP was calculated from the
vertical two-way travel time through the uppermost 1.0 km of
layer 2 shown in Figure 11 and are provided in Table 3. The
uncertainties in seismic velocities shown in Table 3 and Figure
14 were calculated using (1) and the discussion following (1).
These averages document a simple inverse relationship be-
tween the theoretical strain and the compressional and shear
wave velocities, suggesting that as the predicted extensional
strain increases, average velocities decrease. Excluding ESP 6,
which is clearly anomalous within group 1, the correlation
coefficient of the average compressional-wave solutions and
strains for the 44-m.y.-old lithosphere is 0.818.

DiscussioN

Figures 13 and 14 document the inverse correlation between
average velocities in layer 2 and the calculated stresses and
strains caused by the lithospheric flexuring. This correlation is
not strongly dependent on any particular flexural model but

1 i j— 1 1
-8t 2 4
Y . L
ol L
_|.._
0
o S—wave
8 24 [
8 24 2.8 3.2
I —
s -ef 2 3 !
5 —_—,—
» 2 8
_4J. [ PN— +
_2_. I L
6 —3
ote— o
P-wave
2. wa 4 -L
4.6 5.0 5.4

Average Velocity , km/s

Fig. 14. Comparison of the theoretical strains calculated for the
flexure of 44 m.y. old lithosphere with the average compressional
wave velocities in the upper 1.0 km of the igneous crust. As is de-
scribed in the text, the average velocity is calculated from the vertical
two-way travel time through the upper 1 km of the igneous crust.
Error bars on average velocities are calculated from (1). Negative
strains are extensional.
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Fig. 15. Comparison of the compressional and shear wave
velocity-depth solutions for the group 1 profiles (light solid curves)
with the published results of Spudich and Orcurt [1980] from the
Fanfare site in the East Pacific (bold solid curves). Approximate
depths of the subdivisions of layer 2 are also indicated.

appears to be most consistent with the model of a 44-m.y.-old
lithosphere. An independent test of the dependence of layer 2
velocities with lithospheric flexure involves a comparison of
the solutions from near Oahu to other high-quality refraction
measurements from the Pacific Ocean to determine whether
the group 1 profiles are representative of unflexed oceanic
crust.

Velocity-depth solutions from outside the Hawaiian arch
resemble those from the well-studied Fanfare data from 15
m.y. old crust off Guadalupe Island in the East Pacific [Spu-
dich and Orcutt, 1980]. The Fanfare experiment was located
within 110 km of Guadalupe Island. Because the compensa-
tion near Guadalupe Island is more localized than at Hawaii
since Guadalupe was formed on the ridge or on very young
seafloor, however, the crust at the Fanfare site does not show
anomalously low velocities in layer 2. The agreement between
the compressional and shear velocity depth solutions for
group 1 profiles and the Fanfare solutions is close (Figure 15)
and rather surprising considering that these two areas have
significantly different crustal ages and that the interpretational
styles of the two refraction datasets differ.

The agreement between the Hawaii and Fanfare velocity-
depth solutions is important because Spudich and Orcutt
[1980] have carefully studied the consequences of their models
in terms of the petrology and porosity of the igneous crust. In
particular, they explained the strong velocity gradient in layer
2A at the Fanfare site by a drop in porosity from an estimated
18% to approximately 2%. This porosity drop matches that
inferred from electrical resistivity measurements in layer 2 at
DSDP site 504B in the East Panama Basin [Anderson et al.,
1982; Becker et al., 1982; Bratt and Purdy, 1984]. One possi-
bility then, is that the similarity between the Hawaiian solu-
tions for group 1 profiles and the Fanfare results suggests that
the porosity-depth structures are similar at the Fanfare and
group 1 sites. Results from DSDP site 504B suggest that the
lowered layer 2A and 2B velocities inside of the Hawaiian
arch at ranges close to 160 km may be explained by basalts
having higher porosities relative to “normal” oceanic crust at
the same depth. It is important to note, however, that many
other factors, most of them difficult to estimate, exert strong
influences on the elastic velocities in a saturated cracked solid
[Purdy and Ewing, 1986]. For instance, Spudich and Orcust
[1980] pointed out that the elastic velocities of a saturated,
cracked solid may be extremely sensitive to the differential
pressure within the cracks.

Our preferred model for seismic layer 2 suggests a primary
dependence of the velocities on porosity and the effective con-
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fining pressure, which is based on laboratory measurements of
basalts. The group 2 and 3 profiles have average velocity
anomalies of —0.4 to —0.5 + 0.2 km/s in layers 2A and 2B
(Figure 13) at locations where the tensional stresses predicted
by the flexural models are the highest. To determine whether
the magnitudes of the velocity anomalies are consistent with
reasonable estimates of stress drops produced by these in-
creased tensional stresses, minimum stress drops were calcu-
lated from Byerlee’s law assuming no further stress reduction
by crack opening. In this case Byerlee’s law states that the
shear stress t necessary to overcome static friction on a sur-
face having a normal stress, g,, across it is 7 = 0.85¢, for
o, <2 kBar [Kirby, 1983]. For groups 2-4 the predicted
elastic-brittle boundary lies below layer 2 and thus the rocks
in layer 2 will fail in tension according to Byerlee’s law. Re-
casting this relationship in terms of principal stresses for faults
favorably oriented to support a minimum stress difference one
obtains for ¢,less than 1.2 kbar:
o, —0o,= 080,

in tension, where o, is the vertical stress, and ¢, is the hori-
zontal stress [Kirby, 1980]. Thus as long as the stress re-
duction behaves plastically, the maximum horizontal stress
drop at the top 1 km of the igneous crust will be about 0.8
kbar (from 1 to 0.2 kbar). Although these estimated deviatoric
stress drops are not strictly comparable to hydrostatic stress
drops, laboratory measurements document that at confining
pressures of 1 kbar a drop to 0.2 kbar confining pressure is
sufficient to decrease compressional wave velocities by 0.5
km/s in the high-porosity basalts expected to comprise layers
2A and 2B [Manghnani and Woollard, 1968]. Low confining
pressures between 0.4 and 1.1 kbar are predicted for the top of
layer 2 by simple lithostatic calculations for all the groups, so
a deviatoric stress drop of 0.8 kbar should significantly affect
the elastic wave velocities of the basalts in layer 2 near Oahu.
Only at the locations of groups 2—4 are the magnitudes of the
predicted tensional stresses sufficient to significantly reduce
the average elastic velocities.

Laboratory measurements also provide an explanation for
the absence of a detectable velocity anomaly in layers 2C and
3 (Figure 13). Rocks in these layers are currently presumed to
represent rocks transitional to the sheeted dikes and the dikes
themselves, respectively, and thus have lower porosities than
the overlying basalts [Anderson et al., 1982; Bratt and Purdy,
1984]. Manghnani and Woollard [1968] show that basalts
bhaving low (< 3%) porosity display a significantly lower ve-
locity dependence on confining pressure (< 0.25 km/s) than do
high-porosity (>10%) basalts. Furthermore, the laboratory
results reported by Manghnani and Woollard for Hawaiian
basalts indicate that the percentage velocity decrease dimin-
ishes with increasing confining pressure which would occur as
one moves lower into layers 2 and 3.

Of considerable interest is whether the high extensional
strains near the group 2 and 3 profiles caused by the litho-
spheric flexure lead to anelastic deformation of the crust. Al-
though laboratory measurements show little velocity hyster-
esis [Manghnani and Woollard, 1968] and are thus compatible
with an elastic opening of preexisting cracks, they are based
on centimeter sized samples and ignore the large-scale frac-
tures which refraction techniques sample. Nor do these lab-
oratory measurements simulate the long-term eflect of lower
stress in layer 2 and the possible in-filling of the opened cracks
by low-temperature precipitates. Most importantly, however,
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it seems unlikely that the large tensional stresses predicted by
the flexural models can be maintained in the higher crustal
levels where they exceed the confining pressures. It seems
more likely that in the upper crust where confining pressures
are exceeded by flexurally induced stresses these tensional
stresses were accomodated by failure.

Evidence for anelastic deformation of the lithosphere during
the flexure includes normal faulting observed on CDP records
in the upper crust within the arch on ESP 3 (Figure 7) and
offsets in the inferred Moho reflection below (tBB, 1987).
These observations are in agreement with the depth of brittle
failure predicted by these flexural models.

The locations of low velocities in layer 2 within the Ha-
waiian arch correlate with the locations of predicted strains
calculated to be on the order of 0.5%. A simiiar elastic-plastic
plate model predicts strains on the order of 5% seaward of
some trench systems which produced observable velocity
anomalies determined from sonobuoy measurements near the
Izu-Bonin trench [Bodine et al., 1981]. That evidence for low-
ered layer 2 velocities is observable over nearly 2 orders of
magnitude in predicted extensional strains suggests that upper
crustal velocities may be used to constrain flexural models in
other trenches where lesser strains are expected than at the
Izu-Bonin trench. Although the Hawaiian ridge represents one
of the largest midplate loads superimposed upon oceanic
lithosphere, strains in the upper crust comparable to those
predicted near the Hawaiian ridge are expected near other
large midplate volcanic chains, oceanic plateaus, and possibly
near passive margins. Figure 13 illustrates that these strains
will be amplified when there has been a significant thermal
perturbation to the underlying lithosphere.

SUMMARY AND CONCLUSIONS

Detailed travel time and amplitude modeling of 15 high-
quality digitally recorded refraction profiles on the flexed Pa-
cific lithosphere surrounding the Hawaiian ridge reveals a sig-
nificant, systematic, and symmetric dependence of average
layer 2 velocities on their position relative to the Hawaiian
ridge. These velocity differences are typified by three distinct
groups (groups 1, 24, and 5) of closely spaced refraction pro-
files, each consisting of three or more measurements. Com-
parison of the velocity-depth solutions inferred from these re-
fraction profiles with the extensional and compressional
strains predicted for an elastic-plastic plate flexed by the load
of the Hawaiian ridge (Figure 14) shows a significant inverse
relationship over the range of strains examined for the model
of the 44-m.y.-old oceanic lithosphere. We suggest that the
lowered velocities in layer 2 near the Hawaiian arch are relat-
ed to the increased extensional strains and crack opening due
to the lithospheric flexure.

The results obtained in this experiment demonstrate that
determination of the three-dimensional distribution of average
layer 2 velocities may provide additional constraints on the
stresses and strains predicted for models for the flexure of the
oceanic lithosphere. These constraints could be made even
more powerful if a more rigorous determination of the in-
creased stress or strain could be inferred from these velocity
measurements. This type of seismic approach to the study of
lithospheric flexure is attractive because, as we have argued in
this paper, a large number of closely spaced high-quality sono-
buoy refraction profiles obtained from a single ship towing a
large airgun array provide an adequate dataset for this type of
investigation. Densely spaced sonobuoy profiles may thus be
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an indirect means of evaluating the relative flexural stresses
and strains of the lithosphere at subducting trenches, mid-
ocean spreading centers, passive margins, and large midpiate
loads.

We emphasize, however, that deviatoric stresses imposed by
lithospheric flexure are the inferred origin of the observed
velocity anomalies near Oahu. Thus other oceanic regions
having anomalous stress regimes for any reason, including
lithospheric flexure, may also be places of anomalous layer 2
structure. Examples of such regions are those portions of the
Indian-Australian plate having large-amplitude bathymetric
folds and geoidal rolls of approximately 200 km wavelength
[Weissel et al., 1980; McAdoo and Sandwell, 1985]. In these
regions large (>2 kbar) compressive stresses are predicted
based on finite element calculations of the Indian plate [Cloe-
tingh and Wortel, 1985] as well as by calculations of the
stresses necessary to produce folds in an elastic-plastic litho-
sphere to the observed amplitudes [McAdoo and Sandwell,
1985]. Such regions in the Indian Ocean are predicted by the
proposed model to have anomalously high velocities in layer
2.

It appears likely that given the similarities in the seismic
signature produced by the flexuring to previously published
refraction results in the Pacific Ocean, the effects of litho-
spheric flexure on the upper crustal structure are widespread
throughout the oceans. It may be fruitful, therefore to reassess
previous refraction results for layer 2 bearing the state of
upper lithospheric stress of each site in mind.
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